[1] We estimate the seismic structure of the slow spreading Lucky Strike segment of the Mid-Atlantic Ridge, located approximately 300 km south of the Azores platform, using seismic reflection and seismic refraction data acquired in June 2005 as a part of the Seismic Study for Monitoring of the Mid-Atlantic Ridge (SISMOMAR) survey. The threedimensional velocity model shows an upper crustal low-velocity anomaly running parallel to the ridge axis, which is limited by the median valley bounding faults. The velocity models also show a low-velocity anomaly underlying the axial melt lens reflector located at the segment center below the Lucky Strike volcano. This lower crustal low-velocity region can be explained by elevated temperatures and possibly small amounts of melt. The lower crustal low-velocity anomaly and the axial melt lens reflector constrain the geometry of the magma chamber responsible for the construction of the Lucky Strike volcano. The presence of this magma chamber and thick crust at the segment center are consistent with a focused melt supply to the segment center.
Introduction
[2] The morphology, and presumably the magma supply, of mid-ocean ridges varies dramatically with spreading rate. Ridges with slow spreading rates typically have a deep rift valley, whereas axial highs are commonly observed at fast spreading rates [Macdonald, 2001] . This difference is usually explained as the result of a greater magma supply at fast spreading ridges, a hypothesis that is further supported by the presence of axial highs at sections of slow spreading ridges that are close to hot spots [Keeton et al., 1997; Sinha et al., 1998 ]. Modeling studies preclude the existence of large, steady state magma bodies beneath slow spreading ridge [Sleep, 1975; Kusznir and Bott, 1976] . Presumably, crustal accretion at fast spreading ridges is dominated by magmatic processes whereas accretion at slow spreading ridges has a much larger tectonic component [Cannat et al., 1995] .
[3] Detailed studies of fast spreading ridges such as the East Pacific Rise and the Galápagos Ridge reveal widespread high-temperature hydrothermal circulation and crustal magma chambers [e.g., Weiss et al., 1977; Corliss et al., 1979; Spiess et al., 1980; Detrick et al., 1987; Dunn and Toomey, 1997; Blacic et al., 2004] .
While hydrothermal venting has been observed along slow spreading ridges like the Mid-Atlantic Ridge (MAR) [e.g., Karson and Brown, 1988; Lalou et al., 1990] , axial magma bodies have so far only been imaged at the hot spot influenced Reykjanes Ridge (57°50 0 N) Sinha et al., 1998 ], possibly the Snakepit Ridge [e.g., Detrick et al., 1990; Calvert, 1995 Calvert, , 1997 Canales et al., 2000] and, recently, the Lucky Strike segment [Singh et al., 2006] .
[4] One of the problems with comparing fast and slow spreading plate boundaries is that there have been far fewer seismic studies quantifying the crustal structure of slow spreading plate boundaries such as the MAR, in part not only because more ''interesting'' structure (i.e., magma chambers) has been found at fast spreading ridges, but also because slow spreading ridges have a more complicated structure, which makes them both more difficult to image seismically and more difficult to generalize any results obtained. To date, only two MAR segments have been seismically imaged in three dimensions down to the crustmantle boundary or Mohorovièić discontinuity (Moho): the Reykjanes Ridge at 57°50 0 N [ Navin et al., 1998; ] and the OH-1 segment at 35°N [Magde et al., 1997; Barclay et al., 1998; Dunn et al., 2005] . Interestingly, both of these segments show evidence of crustal melt, indicating that magmatism can play a role in crustal accretion at slow spreading ridges.
[5] We report on the three-dimensional (3-D) seismic structure of the Lucky Strike segment of the MAR (37°N) using data acquired during the 2005 Seismic Study for Monitoring of the Mid-Atlantic Ridge (SISMOMAR) experiment. The combination of a high-temperature hydrothermal venting site on top of the segment's central volcano and a well-defined axial valley with numerous surface faults [Langmuir et al., 1997; Humphris et al., 2002; Escartín et al., 2008; Ondréas et al., 2009 ] makes this segment a prime candidate for studying the role of magmatism, hydrothermal circulation, and tectonics in crustal accretion at a slow spreading mid-ocean ridge. We used an array of ocean bottom seismometers (OBS) and a grid of air gun shots covering the median valley and bounding walls, with sensitivity out to the segment ends. We analyzed crustal turning rays (Pg) and crust-mantle boundary reflections (PmP) to obtain a 3-D model of the crustal velocity structure and the depth to the crust-mantle boundary. The model reveals a low-velocity region in the lower crust underneath the axial melt lens reflector, along-axis crustal thinning, and a significant upper crustal velocity increase away from the axial valley.
Lucky Strike Segment
[6] The Lucky Strike segment ( Figure 1 ) is located at 37°N on the MAR, just south of the Azores hot spot and between the Menez Gwen and Famous segments. It is approximately 70 km long and is delimited by nontransform offsets [Parson et al., 2000] . It has a 15 -20 km wide median valley and a large volcano at the segment center. This volcano indicates a relatively robust magma source, whereas the median valley and segment parallel faults indicate that tectonism plays an important role in crustal accretion. For comparison, the Menez Gwen segment, just to the north, has no rift valley, and the magmatism is focused at shallow volcanoes at the segment center [Ondréas et al., 1997] , whereas the North Famous segment, just to the south, has a deep median valley and no central seamount. On the basis of the axial valley relief and mantle Bouguer gravity anomalies, Thibaud et al. [1998] suggest that the Lucky Strike is in an intermediate thermal state between the relatively hot Menez Gwen and relatively cold North Famous segments. Furthermore, the Menez Hom Massif [Fouquet et al., 2002; Marques et al., 2007] at the southern end of the Lucky Strike segment shows exhumed ultramafic rocks at the seafloor, which indicates a relatively cold thermal regime.
[7] The Lucky Strike segment is currently either in a magmatically active phase or in transition from a magmatic to a more tectonic phase. There is significant evidence for recent magmatism: the main volcano holds a fresh lava lake [Fouquet et al., 1995; Humphris et al., 2002] , which unlike terrestrial lava lakes has been very short lived [Ondréas et al., 2009] . A volcanic edifice extending northwest from the volcano, the western volcanic ridge, has recent pillow lavas [Fouquet et al., 1994 ]. An earthquake swarm recorded on the segment by a regional hydrophone array in 2001 is likely to be linked to a dike injection [Dziak et al., 2004] . If diking events there are similar to those recently documented on the slow spreading plate boundaries in Iceland [Buck et al., 2006] and Ethiopia [Wright et al., 2006; Doubre et al., 2007] , both of which propagated for tens of kilometers, the dikes could propagate from the segment center to the segment end. A mantle Bouguer anomaly bull's-eye at the segment center suggests focused melt delivery and thickened crust Thibaud et al., 1998; Cannat et al., 1999; Escartín et al., 2001] .
[8] The observed volcanism might also be influenced by the proximity of the Azores hot spot [Langmuir et al., 1997] . Cannat et al. [1999] and Escartín et al. [2001] observe V-shaped ridges propagating south from the Azores hot spot and two anomalously shallow regions, the eastern and western Jussieu plateau, which are located on either side of the MAR at the same latitudes as the Famous and Lucky Strike segments. These bathymetric and gravimetric anomalies are usually linked to augmented melt supply from a hot spot [Cochran and Talwani, 1978; Le Douaran and Francheteau, 1981; Cannat et al., 1999; Escartín et al., 2001; Ito, 2001] , which explains the formation of the Jussieu plateau 10-4 Ma ago during a period of enhanced magmatism due to the southward propagation of a melting anomaly originating at the Azores hot spot [Cannat et al., 1999] . Furthermore, Moreira and Allègre [2002] show an influence of hot spot derived melt on the MAR south of the Azores based on rare-gas analyses. On the basis of teleseismic observations Yang et al. [2006] propose that the melt from the Azores mantle plume is deflected toward the southern MAR by asthenospheric flow and plate motion.
[9] There is evidence, however, that the Lucky Strike segment does not have significantly enhanced melt supply as compared to other MAR segments farther to the south. Raised bathymetry around the Azores hot spot is observed to at least 26°30 0 N [Thibaud et al., 1998 ], about 1600 km south of the hot spot, and far south of the Lucky Strike segment. In addition, the spreading axis is much deeper than the surrounding plateau and splits the Jussieu plateau in two. Also, the segment's along-axis mantle Bouguer anomaly and bathymetric variation are relatively weak, which has been interpreted to suggest that it has a lower magma supply than do several segments that lie much farther from the Azores Plateau [Thibaud et al., 1998 ].
[10] A field of high-temperature hydrothermal vents sits at the summit of Lucky Strike volcano [Langmuir et al., 1997] . Using observations of sulfide rubble, Humphris et al. [2002] argue that the hydrothermal systems have been active for hundreds to thousands of years. A 3-D resistivity model derived from controlled source electromagnetics shows low resistivity anomalies underneath and to the north of the Lucky Strike volcano [Barker, 2004] . These decreased resistivities are likely related to an increase in porosity and permeability, which might play an important role in the hydrothermal fluid flow. The vents provide a significant contribution to the near-axis heat flux [JeanBaptiste et al., 1998 ], and the observed heat flow measurements are consistent with fluid flow from the ridge flank toward the ridge axis [Lucazeau et al., 2006] . The magnetic anomaly observed at the Lucky Strike segment is axis parallel, and a low magnetization anomaly underneath the Lucky Strike hydrothermal field can be interpreted as demagnetization of the rocks by focalized hydrothermal flow [Miranda et al., 2005] .
3. The SISMOMAR Segment-Scale Seismic Tomography Experiment
[11] The June 2005 SISMOMAR experiment was carried out to study the crustal structure of the Lucky Strike B03103 SEHER ET AL.: STRUCTURE OF THE LUCKY STRIKE SEGMENT segment using active and passive seismic methods onboard the French research vessel L'Atalante. The experiment consisted of seismic reflection, refraction, microearthquake, and seafloor compliance measurements. The study also included ship-based bathymetry, gravity, and magnetic measurements. Preliminary analysis of the Lucky Strike seismic reflection data revealed an axial melt lens reflector and faults that continue to at least the depth of the reflector [Singh et al., 2006; Combier, 2007; Dusunur et al., 2009] .
[12] A segment scale 3-D refraction experiment consisted of a 50 Â 50 km grid of sea surface air gun shots to a 32 Â 26 km grid of 25 OBS, centered on the Lucky Strike volcano (Figure 1 ). The OBSs continuously measured seafloor motions and pressure variations using a geophone and a hydrophone. There were 25 seismic lines, with a shot spacing of 150 m, and three with a shot spacing of 75 m. The shots were triggered using GPS, and distances were relative to the shot line. The next shot position was estimated using along-profile distance, and the across-profile position of the ship was not taken into account. Thirteen lines were aligned along axis and 15 across axis, with an average line spacing of 2 km. A total of 10,403 shots were fired. There were three different types of OBS: (1) 19 instruments using a 2 Hz vertical geophone and hydrophone with a 4 ms sampling interval, (2) three instruments using a 4.5 Hz three-component geophone and hydrophone with a 10 ms sampling interval, and (3) two instruments using a broadband three-component seismometer with a 25 ms sampling interval. The gun array was 8410 cubic inches for the 150 m shot spacing and 5658 cubic inches for the 75 m shot spacing lines. The array was tuned to generate a single bubble pulse [Avedik et al., 1993 [Avedik et al., , 1996 . The strongest arrivals registered by the instruments are direct (water wave), Pg, and PmP phases. Seismic phases were identified based on the offset range, moveout, and frequency content of the observed arrival as well as tentative traveltime modeling of first arrivals and subsequently later arrivals. Figure 2 shows record sections and traveltime picks for three across-axis profiles. The northern and southern profiles (profiles 117 and 120) show prominent Pg and weak [Müller et al., 1997] .
PmP arrivals, whereas the central profile (profile 112) shows weaker Pg arrivals and a very prominent PmP event. Overall, Pg arrivals are observable to a maximum sourcereceiver offset of about 35 km and PmP arrivals to 40 km.
Data Processing
[13] We used three steps to estimate the 3-D subsurface velocity models: (1) we first determined the OBS and shotpoint positions, and then picked the traveltimes of seismic waves and their uncertainties; (2) we determined the model using a traveltime inversion scheme [Hobro, 1999; Hobro et al., 2003] ; and (3) we finally analyzed the model reliability.
[14] The shot position was corrected using the differential GPS position of the ship, the heading of the ship, and the distance to the center of the airgun array. The OBSs were relocated by searching for the instrument position and water column velocity that minimize the misfit between the observed and calculated traveltimes for direct water wave arrivals. This approach is similar to that used by Creager and Dorman [1982] and Bazin et al. [2001] . Before picking the traveltimes, the seismic data were corrected for the OBS clock drifts using GPS time stamps at the beginning and end of each deployment and a linear time correction. Next, we manually picked the traveltimes for 175,257 Pg and 20,028 PmP arrivals. Linear time-invariant frequency filtering was applied to the data before traveltime picking. Time delays introduced by filter during the picking process were compensated by shifting the picks to the unfiltered first break. The picked traveltimes were corrected for the time delay between the trigger signal of the air gun control and the actual airgun release. This delay was between 21 and 56 ms depending on the source configuration and was estimated using pressure sensors mounted on the airguns themselves. A third correction of approximately 7 ms was applied to correct for causal filters within the OBS digitizer. These corrected traveltimes were used as input for the traveltime inversion scheme.
[15] We identified five sources of uncertainty for the traveltime estimate: the uncertainty related to the shot location (Dt Shot % 3 ms), the uncertainty related to the OBS location (Dt OBS % 2 ms), the uncertainty related to the bathymetry (Dt Bat % 16 ms), the uncertainty related to seismic ray tracing (Dt Ray % 10 ms), and the uncertainty of the traveltime picks themselves (Dt Pick % n Â 16 ms). The shot location uncertainty is caused by the difference between heading and course of the ship. Shot location during the turns of the vessel is less precise than during linear profiles; this effect was not taken into consideration in the uncertainty estimation. The OBS location uncertainty was based on the misfit of the OBS relocation. It is variable from one instrument to another. The uncertainty related to the bathymetry is related to the smoothing of the seafloor during the inversion process, which is necessary to avoid artifacts due to abrupt changes of bathymetry. The uncertainty related to ray tracing is caused by limitations of the ray-tracing algorithm and the unknown velocity distribution in the water column. The pick uncertainty was estimated by comparing picks along crossing seismic profiles, with the average difference between those picks treated as pick uncertainty, which is then multiplied by a factor of n that depends on the signal-to-noise ratio of the data at the pick [Zelt and Forsyth, 1994] . We estimate the overall uncertainty as the square root of the sum of the individual squared uncertainties.
[16] The mean overall uncertainties are 31 ms for Pg and 34 ms for PmP. The estimated uncertainties varied between 23 and 122 ms. While both signal and noise energy decrease with source-receiver distance, the observed signal-to-noise ratio does not systematically decrease with increasing source-receiver distance. Furthermore, the signal-to-noise ratio is lower on profiles with 75 m shot spacing. This implies that both the noise and the shot energy are created by the source and ship. Overall, the signal-to-noise ratio varies between 0.5 and 20.
[17] We calculated subsurface velocity models using the Jive3D seismic traveltime tomography software [Hobro, 1999; Hobro et al., 2003] . The algorithm describes the subsurface velocity distribution using a regular grid of velocity nodes and the interfaces using a regular grid of depth nodes. The crustal velocity grid is limited by the seafloor and the Moho. The depth of the seafloor is determined from bathymetric measurements, and the depth of the Moho is treated independent of the seafloor. To minimize the computational overhead, we therefore chose the node spacing to be as coarse as possible without significantly increasing the data misfit. For this study, a node spacing of 2 km horizontally and 0.4 km vertically was sufficient to accurately reproduce the traveltime measurements. Our model covered a total area of 70 km Â 70 km and extends to a depth of 14 km; it is discretized using a grid of 40 Â 40 Â 37 nodes for the velocity model and a grid of 151 Â 151 nodes for the interface model.
[18] The program uses a ray shooting approach to calculate synthetic traveltimes between points. The model param- Figure 2 . Example record sections for the SISMOMAR segment scale tomography experiment. The red lines on the profiles mark the picked Pg traveltimes, and the blue lines mark the picked PmP traveltimes. The vertical axis shows traveltime after the application of a linear moveout correction with a moveout velocity of 6.5 km/s and a correction for the seafloor depth. The correction for the seafloor depth is based on the traveltime to the seafloor assuming a constant velocity in the water column and vertical raypaths which, while crude, noticeably improves the image. The profiles run directly across the instrument. The seismic data shown here were recorded using the hydrophone channel with a 10 ms sampling interval. To enhance the image, we applied a band-pass filter with cutoff frequencies of 1.5 and 36 Hz and a passband between 3 and 12 Hz, a Wiener predictive error filter [Buttkus, 2000] , and a moving average filter (trace mixing). The direct water wave arrivals have been muted (white area). The seismic data are strongly filtered to enhance the image; these images were not used for traveltime picking. The locations of the profiles are shown in Figure 1 . Profile 117 runs north of the volcano, profile 112 runs directly across the volcano, and profile 120 runs south of the volcano.
eters, in this case the B spline coefficients for the velocities and the interface positions, are then iteratively updated using a conjugate gradient scheme to minimize the difference between the calculated and observed traveltimes. For most geophysical problems an infinite number of equivalent models exist that fit the data equally well. To reduce the number of possible models, one commonly introduces prior information about the model parameters or applies additional constraints to the model structure (e.g., smoothness) in the cost function F.
Here, the data norm F d is the weighted misfit, where e stands for the difference between observed and calculated traveltimes and W contains the uncertainty for each traveltime pick. By changing the traveltime uncertainty for each pick preferential weighting can be applied to certain picks, e.g., Pg traveltimes can be assigned a smaller uncertainty than PmP traveltimes. The first term of the model norm F m describes the smoothing of the velocity parameters, and the second the smoothing of the interface parameters. l V and l S are regularization parameters, which control the relative influence of the velocity and interface part of the model norm in the cost function, which can be used to introduce prior knowledge about subsurface velocities into the inversion. l V and l S are further split to apply preferentially weighting in different directions of the model. L is a linear operator, which measures a differential property of the model. Jive3D uses the Laplace operator, which is equivalent to imposing a smoothness constraint [Constable et al., 1987; deGroot Hedlin and Constable, 1990] . The overall influence of the smoothness terms is controlled by the regularization parameter l, which is chosen following a jumping strategy [Shaw and Orcutt, 1985] . At the beginning of the inversion the regularization parameter is large and only long wavelength variations are allowed in the model. As the inversion progresses and the regularization parameter is decreased, small structures gradually develop in the model.
[19] To correctly interpret a velocity model, its resolution must be assessed. In this study we applied two measures for The variable l is the regularization parameter at termination of the inversion; l Vz specifies the preferential weighting of velocity smoothing in z direction relative to l; l S specifies the weighting of smoothing of the interface parameters relative to l of the interface parameters; c 2 denotes the misfit normalized by the pick uncertainty and RMS the root mean square of traveltime residuals; N stands for the ray success rate, the number of traveltimes that can be traced successfully using the corresponding velocity model; Pg denotes crustal turning waves, and PmP denotes reflections from the crust-mantle boundary.
the model resolution, the hit count (or ray density) [Kissling, 1988] and the resolvability [Lévêque et al., 1993; Zelt, 1998 Zelt, , 1999 (Appendix A). Calculation of the a posteriori covariance matrix was not feasible due to the size of the inverse problem. The first measure of model resolution, the hit count, is based on counting the number of rays hitting every velocity cell. We choose an arbitrary cutoff of 100 crossing raypaths in a cell, below which velocity values are considered unreliable. The second measure of a model's reliability is the resolvability or averaged semblance [Zelt, 1998 ], which we calculated using checkerboard tests.
Results

Inversion Strategy
[20] To interpret the seismic data (see Figure 2 for examples of our seismic data), we estimate crustal velocity models. We first constructed a 1-D starting model (Figure 3 ) by averaging over crustal velocity models obtained for other MAR segments [Purdy and Detrick, 1986; Barclay et al., 1998; Hooft et al., 2000; Magde et al., 2000] . The MAR velocity-depth profiles shown here are a small subset of those available, but illustrate the variability of velocities typically observed along the northern MAR south of the Azores hot spot. The velocity-depth profiles from the OH-1 segment were chosen because of the segment's similarity to the Lucky Strike segment. The MAR velocity-depth profiles all have a similar structure: seismic velocities increase rapidly in the upper crust (the first 1 to 2 km below seafloor (bsf)) and increase more gradually at greater depth except for the velocity profile by Purdy and Detrick [1986] , which indicates a steeper velocity gradient below a depth of 3 km bsf. While the overall structure is similar, the absolute velocities can vary by as much as 1 km/s at a given depth bsf between different locations. We hung the 1-D starting model from the seafloor to construct a 3-D starting model for all inversions. Our tests show that the final model depends only weakly on the starting model.
[21] Pg waves are observed in the top few kilometers of crust because the velocity gradient there is steep. Deeper in the crust, the velocity gradient flattens and very few Pg waves are observed. Therefore, PmP reflections are needed to constrain both the lower crustal velocities and the structure of the Moho. The Moho is the effective lower boundary of our velocity model because no upper mantle turning waves were observed. By solving for seismic velocity and interface position using the same data, one risks mapping velocity variations to changes of the interface depth and vice versa: this is known as the velocity-depth trade off. An increase in the modeled velocity decreases the traveltime to cross a given distance and, consequently, an overestimate of the velocity causes an overestimate of the interface depth. The choice of the regularization between the velocity and interface parameter is therefore crucial. We used six different combinations of regularization parameters and prior information to test the effect of this choice. The regularization parameters are summarized in Table 1 . Slices through the velocity models are shown in Figure 4 , and the final misfits are listed in Table 1 .
[22] Models 1 to 5 were calculated using both Pg and PmP traveltimes, whereas model 6 used only Pg traveltimes. Models 1 and 2 are ''end-member'' models with model 1 a constant thickness crust and model 2 a constant depth below sea level (bsl) Moho. Those simplifying assumptions reduce the number of free parameters, but cause a larger misfit for the PmP phase (Table 1) . In model 4 the smoothing of velocity and interface components had equal weight, whereas in model 3 the interface smoothing had additional weight. Both models 3 and 4 show velocities higher than 7.3 km/s in the lower crust around the model edges (Figure 4 ), but gabbro velocities do not exceed 7.3 km/s [Christensen, 1979] . Higher lower crustal compressional velocities can be explained through an elevated Olivine content [Miller and Christensen, 1997] . Limiting the velocity variability is an effective way to reduce the nonuniqueness, the number of equivalent solutions, of the inverse problem. In model 5 we tried to limit the upper bound for the crustal velocities to 7.3 km/s. First, we clipped the velocities in model 4 at 7.3 km/s; then we optimized only the position of the Moho using PmP traveltimes. This is equivalent to an inversion for a floating reflector [Zelt, 1999] . Finally, we optimized the velocity distribution while keeping the interface positions fixed. This approach forces the inversion to minimize lower crustal velocity variations. These additional constraints cause model 5 to have slower lower crustal velocities and a shallower Moho than models 3 and 4.
[23] The quality of a model manifests itself in its ability to reproduce observations to within the associated measurement uncertainties. Traveltime residuals, the difference between the observed and the synthetic traveltimes, are one measure of the model quality ( Figure 5 ). Assuming our observations do not contain any systematic errors and our estimate of uncertainty is correct, the normalized misfit of the final model should be equal to unity and all traveltime residuals should follow a normal (Gaussian) distribution.
[24] The termination condition chosen for the inversions is a combined Pg and PmP c 2 smaller than or equal to 1.2 and a combined ray success rate equal to or above 95% (i.e., more than 95% of the observed Pg and PmP arrivals were modeled successfully). This criterion was met for models 3, 4, and 5, but not for models 1 and 2 which are shown for comparison only. Model 6 meets the criterion for the Pg phase only, since the PmP phase was not included in the inversion. All six velocity models are well constrained in seismic layer 2B and the upper part of seismic layer 3, where they are dominated by Pg observations (Figure 4) . The velocity inside seismic layer 2A is less well constrained. Because of the presence of seismic layer 2A the moveout of the seismic arrivals is smaller close to the OBS than at larger offsets. However, most seismic layer 2A arrivals arrive after the water wave and have not been included in the inversion. The similarity of the models in layer 2B and the upper part of layer 3 indicates that PmP traveltimes have only a minor influence on the near-surface model, but dominate the region close to the Moho. The velocity structure in the lower crust can vary by as much as 0.5 km/s depending on the constraints imposed on the Moho, but the velocity above a depth of approximately 7 km bsl (5.5 km bsf) does not vary much with changes of the Moho.
[25] For all velocity models the RMS misfit is <35 ms and the normalized misfit is close to unity for the Pg phase. More than 95% of the observed traveltimes are modeled successfully (Table 1) . However, for PmP reflections the RMS misfit is larger and the percentage of successfully traced rays is much lower (80%). Overall, the number of PmP observations is approximately a magnitude smaller than the number of Pg observations. Even if the PmP misfit is large, the overall misfit can still be minimized. A possible reason for the low ray success rate associated with PmP reflections is a problem with modeling large offset reflected phases. The point where reflections become turning rays is very difficult to model, as it requires precise knowledge of the velocity and interface structure. A slight mislocation of the interface or slightly wrong velocity profile can lead to rays no longer being traced successfully, as the modeled ray does not reach the interface or is reflected in the wrong direction. Once far offset ray tracing fails, there is no way back, as there are no observable turning rays from deeper parts of the model to stabilize the inversion. This is a limitation of the ray shooting method as opposed to ray bending or minimum time methods. On the other hand, the failure to reproduce far-offset observations might be related to the fact that those observations are modeled as reflections, which might be invalid. There is evidence that the Moho does not necessarily constitute a step change in velocity, but can correspond to a transition zone, whose thickness can vary by hundreds of meters [Jousselin and Nicolas, 2000] .
Crust-Mantle Boundary
[26] A comparison of the different models allows us to assess which features are required by the data and which features are artifacts of the inversion. For the Moho, we analyze only those features common to the three models that allowed this interface to vary (models 3 to 5) to avoid interpreting unconstrained properties. The Moho depths (Moho depths bsl) and crustal thicknesses (Moho depths bsf) for models 3 to 5 are shown in Figure 6 . We show map views of the Moho reflector both as a function of depth from the sea surface and as a function of depth beneath the seafloor, i.e., crustal thickness. Smoothing is applied to the Moho depth bsl; smoothing the crustal thickness is not offered by the tomography program. Since the inversion tries to minimize structure with respect to a flat horizon such as the sea surface, the smoothness constraint in the inversion can map into apparent structure in the thickness plots. Therefore, the depth from sea surface plots helps to show what features are indeed required by the data and which ones are influenced by the smoothing. The data are clipped to show only the grid elements with observed PmP reflections. While the exact distribution of reflection points varies for the different velocity and interface models, the PmP observations constrain approximately the same area in the three models. The interface is reasonably well sampled between À15 and 15 km across axis and À10 to 15 km along axis, except to the southwest, where less PmP reflections were observed.
[27] In all of the models for which the Moho depth was inverted, the Moho is deepest in the southwest and shallowest in the northeast. The crust is thickest to the west and thin toward the segment ends. Along the ridge axis, the crust is 5 -6 km thick north and south of the volcano and 7 -7.5 km thick beneath the volcano. The crust is thickest (7.25-8.25 km) west of the volcano. The biggest difference between the models is the Moho depth beneath the volcano. While model 4 shows an uplift of the Moho depth underneath the volcano (Figure 6b , 0 km across axis and À5 km along axis), models 3 and 5 have a smoother Moho depth, which shows no uplift underneath the volcano. Overall, the difference between the different Moho depths and crustal thickness estimates is less than 1 km.
[28] The six velocity models are nearly identical above a depth of 7 km bsl (5.5 km bsf) (Figure 4 ). The largest differences between models occur in the lower crust at the eastern and western edges of the model; the variability in the along-axis direction (not shown) is generally smaller than in the across-axis direction. All six models show a lower crustal velocity increase away from the segment center and a lower crustal low-velocity region centered at about 0 km along axis and À5 km across axis. We choose model 4 for further analysis. The main reason for selecting model 4 over model 3 or 5 is that less prior information about the subsurface velocities was introduced into the inversion. However, lower crustal velocities in model 4 are greater than 7.3 km/s, which requires the presence of olivine-rich peridotite. On the contrary, model 5 shows lower crustal velocities consistent with pure gabbro. The discrepancy between the different models is caused by the velocity uncertainty directly above the Moho.
[29] To assess the quality of our velocity models, we compare the Bouguer gravity anomaly predicted by our velocity model 5 to the Bouguer anomaly predicted by a constant crustal thickness model. To estimate the sea surface gravity, we first converted our seismic velocities to density using the relation by Carlson and Raskin [1984] for the crust and assumed a mantle density of 3.3 Mg m À3 [Escartín et al., 2001] . Next, we estimated the gravitational attraction using the method of rectangular parallelepipeds [Banerjee and Das Gupta, 1977] . The external boundary of our velocity model was extended $3000 km in each horizontal direction to avoid edge effects assuming a lateral continuation of our density model. The gravitational attraction for all parallelepipeds was integrated and subtracted from the free-air gravity anomaly observed during the SISMOMAR cruise. The residual gravity between our model and the free air gravity is the combined effect of the lower crustal velocity and thickness variation not well constrained by our velocity model, and the variability in the mantle. For comparison with the gravity predicted by our velocity model, we evaluated the Bouguer anomaly for a density model with a crustal thickness of 6 km, a crustal density of 2.7 Mg m
À3
, and a mantle density of 3.3 Mg m À3 [Escartín et al., 2001] . No thermal correction was applied in either case.
[30] The free-air gravity anomaly observed during the SISMOMAR cruise (Figure 7a ) is dominated by the bathymetry. Applying a constant crustal thickness Bouguer correction removes the effect of bathymetry and shows a Bouguer bull's-eye anomaly (Figure 7b ) located in the same place as the anomaly observed by Escartín et al. [2001] . This anomaly has previously been interpreted as evidence for elevated temperatures or partial melt in the crust/mantle or crustal thickness variations. Using our crustal velocity model to compensate for density and thickness variations removes the Bouguer bull's-eye anomaly (Figure 7c ). While our density model compensates the gravity increase toward the northern segment end, we still observe a gravity increase toward the southern segment end consistent with an overestimate of crustal thickness in our velocity model. The observed Bouguer bull's-eye anomaly can be explained by crustal density and thickness variations alone and does not require the presence of partial melt or elevated temperatures in the mantle. Larger scale variations in the mantle are likely, but cannot be imaged because of the spatial limi- tations of the experiment. Most importantly, the gravity predicted by our velocity model is consistent with the freeair gravity observations during the SISMOMAR survey.
Three-Dimensional Velocity Model
[31] The crustal structure of the Lucky Strike segment is characterized by tectonics and focused magmatism at the segment center. The variability seen at the seafloor cannot be explained using simple one-or two-dimensional approximations, but shows significant variations in three dimensions. Our 3-D velocity model images spatial variations in seismic velocities within the ridge segment, which can then be interpreted with respect to crustal structure. A detailed analysis of the resolution of our velocity models is given in Appendix A.
[32] To illustrate the variations of the velocity model, we show both the velocity and the velocity anomaly for our preferred model (Figures 8 and 9) . The velocity anomaly model is the 3-D velocity model minus its own mean velocity at each depth bsf (the 1-D mean model in Figure 3) . The mean velocity is estimated by averaging over all constrained velocity nodes at a certain depth bsf.
[33] Upper crustal velocities underneath the Lucky Strike median valley are significantly lower than velocities underneath the median valley walls (Figures 8a -8f and 9) . At a depth of 1 km bsf, the lowest velocities are found beneath the northwestern volcanic ridge and the Lucky Strike volcano. The lowest velocities do not coincide with the hydrothermal vent field. Velocities are low in the upper crust over the whole length of the segment (Figures 8g and  8h) . With increasing depth, the amplitude of the negative velocity anomaly decreases and it has disappeared by approximately 2 km bsf (Figure 9 ). The across-axis limit of the region of decreased velocities coincides with the median valley bounding faults. At a depth of 1 km bsf velocities vary between 4.5 and 5 km/s inside the median valley and increase by approximately 1 km/s outside the bounding walls. Furthermore, a more gradual velocity increase with distance from the ridge axis can be observed outside the median valley.
[34] While midcrustal (2 to 3 km bsf) velocities vary little across axis (Figure 9 ), they decrease toward the segment ends (Figures 8g, 8h , and 9), with the lowest values found at the segment ends. The high-velocity band in the segment center extends on both sides of the ridge axis. Furthermore, the high-velocity band contains isolated zones with even higher velocities (Figure 9 ).
[35] Lower crustal velocities (deeper than 3 km bsf) are dominated by a region of decreased velocities that underlies the segment center melt lens reflector. This region starts at approximately 3.5 km bsf (5 km bsl) and continues to the Moho (Figures 8c, 8d, 8g, 8h, and 9) . The region extends approximately 5 to 10 km away from the segment center in all directions at a depth of 5 km bsf. The velocity minimum is approximately 0.6 km/s slower than the mean velocity values at the same depth. This is a conservative velocity estimate because the inversion searches for the smoothest solution possible and because most of the information comes from seismic waves passing close by the lowvelocity region, as a decrease in velocity with depth can prevent Pg rays from returning to the surface. Significantly lower velocities in a smaller volume produce similar results (Appendix A). Furthermore, the estimated velocity anomaly depends on the assumed background velocity model. Velocity models 3 and 5 show a lower amplitude velocity anomaly in the lower crust.
[36] The across-axis cross section 10 km north of the volcano (Figures 8a and 8b) is similar to the cross section [Singh et al., 2006; Combier, 2007] . The upper interface corresponds to the seafloor, and the lower interface corresponds to the crust-mantle boundary. The vertical exaggeration is 2:1.
10 km south of the volcano (Figures 8e and 8f ), but some of the features are exchanged east to west. While velocities 10 km south of the volcano are higher on the western side of the median valley, velocities 10 km north of the volcano are higher on the eastern side of the valley. Both the northern and southern cross sections show a zone of anomalously high velocities underlying a bounding fault: the eastern bounding fault for the northern section and the western bounding fault for the southern section. These high-velocity zones are in both cases on the side of the valley with the most pronounced bounding wall bathymetry, which in turn corresponds to the location of the inside corner high: to the east at the north of the segment and to the west at the south of the segment. 
Traveltime Residuals and Azimuthal Anisotropy
[37] The distributions of the traveltime residuals can show systematic variations that are not explained by the velocity model. Figure 10 shows observed and synthetic traveltimes as well as the associated raypaths for the three record sections shown in Figure 2 . For offsets smaller than 5 km, the predicted traveltimes are systematically too small ( Figure 5 ). This misfit is possibly caused by the inversion regularization. The velocities in the uppermost crust are likely to be low and the vertical velocity gradient steep [Hussenoeder et al., 2002] , but they are poorly constrained by OBS refraction data. The velocities below this zone have a significantly lower velocity gradient and are much better constrained. The inversion algorithm tries to minimize the change in the velocity gradient (the model curvature) and therefore extrapolates the low-velocity gradient to shallow depth, overestimating shallow velocities. Alternatively, this trend may be related to vertical velocities being faster than horizontal velocities, since near-offset observations have a larger nonvertical component. These effects would be enhanced by the geometry of the raypaths, most of which cross the first kilometer of the crust almost vertically.
Overestimating upper crustal velocities does not have a large influence on traveltimes for rays traveling almost vertically, as they spent only a very small time in the upper crust.
[38] To assure that the short-offset traveltime picks do not cause any spurious anomalies in the model, we ran an inversion in which we used only traveltime picks with offsets larger than 7 km. The difference between the bootstrap model and our best fitting model 4 is smaller than 0.25 km/s everywhere except for the near surface. In the first kilometer bsf, velocities in the bootstrap model are between 0.25 and 0.5 km/s higher than in the velocity model including the near-offset data. The difference between the velocity model including data with offsets smaller than 7 km and the velocity model derived without these data is smaller than the proposed velocity uncertainty of 0.5 km/s. Most importantly, no anomalies in our best fitting model disappear in the bootstrap model. We conclude that the short offset data, although systematically misfit by the inversion, do not deteriorate the model quality and need not be removed from the inversion.
[39] Prior work along the MAR [Barclay et al., 1998; Dunn et al., 2005] has shown that anisotropy of seismic velocities causes an approximately sinusoidal variation of traveltime residuals (i.e., the observed traveltimes minus the calculated traveltimes) for isotropic velocity models. A mathematically more rigorous treatment is given by Backus [1965] . For turning depths shallower than 4 km bsf, we observe an azimuthal variation with respect to the ridge axis ( Figure 11 ). Below 4 km bsf, the amplitude of the best fitting sinusoid is smaller than the scatter in the data, and no evidence for azimuthal anisotropy exists. Near the surface rays traveling parallel to the ridge axis show negative residuals: the observed traveltimes are smaller than the calculated traveltimes. This means that rays travel faster along the ridge axis than predicted by our velocity model. For rays traveling orthogonal to the ridge axis the reverse applies. The upper crustal low-velocity region is therefore anisotropic, with the fast direction approximately along axis.
[40] For turning depths smaller than 3 km bsf the amplitude of the peak-to-peak variation of the residual is $20 ms. For turning depths of 3 -4 km bsf, the amplitude of the variation decreases to $10 ms and has disappeared below a depth of 4 km. For turning depths between 1 and Figure 11 . Average traveltime residual for all instruments averaged for (a-e) Pg picks and (f) PmP picks. The Pg residuals were averaged in 1 km wide turning depth bins between 1 and 6 km below the seafloor. The error bars show the uncertainty of the mean. The dashed line indicates the mean traveltime residual, and the solid line indicates the best fitting sinusoid corresponding to the formula above. The inset in Figure 11f illustrates the azimuths; 0°is parallel to the ridge axis (%19°N).
2 km bsf (Figure 11a) we observe the near-offset static shift on the order of 10 ms. Examining the azimuthal variation shows that the fast direction is oriented $0°N-10°N, which is $10°-20°to the north away from the ridge axis.
[41] To obtain a first impression of the velocity anisotropy linked to the observed traveltime residuals, we estimate analytic traveltimes for a constant velocity gradient model. We chose the velocity gradient model that best fits our mean velocity model (Figure 3) to the observed turning depth. To explain the observed peak-to-peak variation of $20 ms above a depth of 3 km bsf we require a velocity anisotropy of 1% -2%. Below a turning depth of 3 km bsf a velocity anisotropy <0.5% is sufficient to explain the observed traveltime residual. This anisotropy is slightly smaller than the 2% -4% observed at OH-1 [Barclay et al., 1998; Dunn et al., 2005] .
Temperature and Melt Content in the Lower Crust
[42] To estimate the temperature beneath the Lucky Strike volcano and the axial magma chamber, we follow a method developed by Dunn et al. [2000] for the East Pacific Rise and applied to the MAR by Canales et al. [2000] . The procedure involves calculating coincident off-axis velocity and temperature profiles. The off-axis velocity profiles are then subtracted from the velocities on the ridge axis. Assuming that the same materials are found on and off axis, this difference can be related to a change in physical conditions like temperature, pressure, or the presence of fluids. The velocity anomaly can then be converted to a temperature anomaly using temperature-pressure relations measured in the laboratory. Adding this temperature anomaly to the off-axis temperature profile gives an estimate of the on-axis temperatures beneath the axial melt lens reflector.
[43] The first step in estimating the temperature field is to estimate the off-axis temperature. There are many, quite different, models for the subsurface temperature distribution near the MAR [Chen and Morgan, 1990; Henstock et al., 1993; Dusunur, 2008] . The variability between these temperature models is approximately 300°C at 10 km from the ridge axis, which we take as the uncertainty of the background temperature model. Here, we will use the model of Reference off-axis temperature [Chen and Morgan, 1990] and on-axis temperatures estimated using the velocity contrast between the two velocity profiles shown in Figure 12a and different temperature-velocity relationships [Hughes and Maurette, 1957; Dunn et al., 2000; Bai et al., 2003] . The temperatures were clipped at 1170°C, which corresponds to the approximate liquidus temperature of mid-ocean ridge basalt melt [Sinton and Detrick, 1992; Perfit and Chadwick, 1998 ]. [1990] at an off-axis distance of 15 km (Figure 12b ), where our low-velocity anomaly has all but disappeared. We calculate 1-D mean velocity profiles for the Lucky Strike volcano and for the region 15 km west of the Lucky Strike volcano (Figure 12a ). The mean velocities were estimated by averaging the velocities found in an area of 4 Â 4 km. The error bounds correspond to one standard deviation. Subtraction of the off-axis velocities from the onaxis velocity yields a velocity anomaly. Comparing the velocity-depth profiles for models 3, 4, and 5 shows that the velocities vary little on the ridge axis. Off axis, the three velocities vary little above a depth of 4.5 km bsf and differ by approximately 0.1 km/s. While for model 5 the estimated velocity anomaly is on the order of 0.4 km/s, the velocity anomaly is slightly larger for models 3 and 4. Furthermore, models 3 and 4 show off-axis velocities larger than 7.3 km/s inconsistent with pure gabbro in the lower crust [Christensen, 1979] . Therefore, model 5 is best suited for estimating crustal temperatures.
Chen and Morgan
[44] To convert the velocity anomaly to a temperature anomaly, we apply relationships between temperature anomaly and velocity anomaly based on laboratory measurements for different gabbroic rocks [Hughes and Maurette, 1957; Christensen, 1979; Bai et al., 2003] . We carried out a logarithmic linear regression for the velocity-temperature data for the MAR by Christensen [1979] for temperatures between 0°C and 300°C.
where V stands for the velocity as observed by Christensen [1979] , T for the temperatures and V 0 for the velocity at room temperature. We excluded their data for temperatures above 300°C because of a detectable change in the T-V slope that is believed to have been caused by the opening of grain boundary pore spaces [Christensen, 1979] . We did the same for the data reported by Bai et al. [2003] for temperatures up to 700°C. We fit the data of Hughes and Maurette [1957] using a bilinear regression for both temperature and pressure. The logarithm of the velocity does not vary linearly with pressure [Birch, 1960 [Birch, , 1961 Christensen, 1984; Wepfer and Christensen, 1991a] , but this approximation can remove part of the pressure effect. The different temperature-velocity gradients (Table 2) vary by an order of magnitude. Dunn et al. [2000] use the gradient given by Christensen [1979] ; we test all three. For the anelastic case, we apply the relationship described by Dunn et al. [2000] and use an attenuation Q % 100 [Wepfer and Christensen, 1991b; Wilcock et al., 1993] . The liquidus temperature was estimated using a relationship between the MgO number and the liquidus temperature T l [Sinton and Detrick, 1992] :
An MgO number between 6% and 10% [Perfit and Chadwick, 1998 ] gives liquidus temperatures of approximately 1170°C and 1245°C, respectively.
[45] We clip the calculated temperatures at the liquidus model for evolved Mg-poor mid-ocean ridge basalt compositions and explain the remaining velocity anomaly using partial melt. The resulting temperature distributions are shown in Figure 12b . The only velocity-temperature relationship that implies partial melt is based on the data set by Bai et al. [2003] . The amount of melt required to explain the remaining velocity anomaly is small: between 0.2% for thin films and 1.2% for spheres [Schmeling, 1985] . Doubling the velocity anomaly from 0.5 to 1.0 km/s requires a factor of 10 increase in melt fraction. Such an increase in velocity anomaly is possible (Appendix A). Comparing the effect of using velocity model 3 or 4 to estimate crustal temperatures shows the estimated temperatures change little above a depth of 4.5 km bsf. However, below this depth models 3 and 4 require higher crustal temperatures (Figure 12b) .
[46] The uncertainties in estimating temperature and melt fractions are large. The calculation of the velocity anomaly, the selection of a temperature reference model, and the estimation of a temperature-velocity relation introduce errors into the calculation. In addition, the process of linking laboratory measurements of velocity and temperature is not straightforward, as length scales of laboratory measurements are very different from the length scales of seismic tomography experiments. Finally, it is not at all certain that lower crustal rocks are the same off axis as on axis. For example, if there is hydrothermal alteration of ultramafic off-axis rocks, they will tend to give a lower velocity for a given temperature [Miller and Christensen, 1997] . In this case, the temperature difference (and potentially the quantity of melt) required to explain the on-axis velocities would be greater. However, no ultramafic rocks have been observed off axis from the Lucky Strike segment center, but ultramafic rocks can be found at the Menez Hom massif forming the southern end of the Lucky Strike segment.
[47] That said, the measurements by Christensen [1979] on MAR gabbros suggest that the seismic velocity anomaly underneath the axial magma chamber of the Lucky Strike segment can be explained by the presence of increased temperatures only. Using velocity model 5 and the elastic relationship used by Dunn et al. [2000] a reasonable temperature estimate in the lower crustal region of decreased velocities is 800°C to 1000°C but the range of possible temperatures is larger. The presence of partial melt cannot be excluded, but is unlikely to be larger than 1%. The location of the greatest velocity anomaly, and therefore the most likely location of melt, is not directly beneath the 
The compressional wave velocity V is given in km/s, and the temperature is given in°C. The gradients were derived by linear regression for temperature to the laboratory data given by Christensen [1979] and Bai et al. [2003] or by bilinear regression for temperature and pressure for the data given by Hughes and Maurette [1957] . The data were measured for a San Marco Gabbro (I) [Hughes and Maurette, 1957] , a hornblende gabbro (II) [Hughes and Maurette, 1957] , and a gabbro from the MAR [Christensen, 1979] . melt lens reflector but deeper in the crust. However, this could be an effect of smoothing of our velocity model.
Discussion
[48] For the following discussion, it is convenient to divide the crust in the Lucky Strike segment into upper crust (above 2 km bsf), middle crust (2 -4 km bsf), and lower crust (below 3-4 km bsf). In the upper crust we observe a region of decreased velocities underneath the median valley, the middle crust is characterized by an alongaxis velocity decrease toward the segment ends, and the lower crust shows a low-velocity anomaly underneath the axial melt lens reflector underneath the Lucky Strike volcano. Finally, we find a crustal thickness decrease toward the segment ends. Here, we discuss different processes explaining our observations.
Upper Crustal Low-Velocity Region in the Median Valley
[49] The upper crust shows a prominent region of decreased velocities, which runs parallel to the ridge axis and is limited by the median valley bounding faults ( Figures  8 and 9 ). These decreased velocities are no longer observed at 2 km bsf (3 -4 km bsl). The traveltime residuals vary azimuthally in this zone (Figure 11 ), consistent with the anisotropy which may be predicted due to the ridge parallel cracks. A similar upper crustal low-velocity region and ridge parallel anisotropy were observed on the OH-1 segment at 35°N [Magde et al., 2000; Dunn et al., 2005 ]. An important difference from the OH-1 segment is that the axial anisotropic zone occupies about the same extent as the upper crustal region of decreased velocities at Lucky Strike, whereas at OH-1 anisotropy is observed down to the upper mantle with a different fast direction in crust and mantle [Dunn et al., 2005] .
[50] Three mechanisms can control upper crustal porosities and thereby velocities: emplacement [Herron, 1982; Harding et al., 1993] , hydrothermal alteration and precipitation [Houtz and Ewing, 1976; Grevemeyer and Weigel, 1997] , and active extension (faults, fractures, and fissures). Hydrothermal precipitation and the closure of pore spaces [Carlson and Herrick, 1990; Wilkens et al., 1991; Carlson, 1998 ] can decrease the porosity causing a gradual velocity increase with crustal age and thereby distance from the ridge axis. At fast spreading ridges, upper crustal velocities depend on the presence of fresh lava and their alteration and the distribution of cracks [Dunn and Toomey, 2001 ], but faulting can play an important role at slow spreading ridges.
[51] We attribute the observed low velocities in the upper crust and the sinusoidal variation of traveltime residuals to increased porosities caused by ridge parallel fractures and fissures linked to ridge parallel faults, since this mechanism explains both observations. We do not consider hydrothermal alteration a possible explanation for the observed slow velocities because we do not observe any correlation of the low-velocity regions and hydrothermal circulation at the seafloor. However, the contrast between velocities on the ridge axis and velocities beneath the valley walls can be further increased by hydrothermal precipitation, which explains the gradual velocity increase outside the median valley. Finally, the low-velocity region inside the median valley could be linked to the presence of fresher, more porous lava. If segment end lava is fed from the magma chamber at the segment center, the basaltic crust at the segment ends would have to be produced by far-reaching dike injections. Dike injection events reaching tens of kilometers have been observed in Iceland [Buck et al., 2006] , Ethiopia [Wright et al., 2006; Doubre et al., 2007] , and Axial Volcano on the Juan de Fuca Ridge [Dziak and Fox, 1999] . However, it cannot be ruled out that melt has ever entered the crust away from the segment center.
[52] Faulting should have the greatest effect in the upper crust because the population of faults, fractures, and fissures decreases with depth, and few faults penetrate to the base of the crust. This behavior is consistent with the ridge parallel seismic anisotropy we observe in the upper 3 -4 km bsf. However, the seismic anisotropy seems to continue to greater depth than the low-velocity anomaly.
Lower Crustal Low-Velocity Region Underlying a Melt Lens Reflector
[53] Between a depth of 3.5 km bsf and the Moho a region of decreased velocities is observed with velocities $0.5 km/s lower than in the surrounding rock (Figures 8 and  9 ). The lateral extent of the velocity anomaly appears narrower along axis than across axis. A similar lower crustal velocity anomaly in the segment center was observed for the OH-1 segment [Magde et al., 2000; Hooft et al., 2000; Dunn et al., 2005] , which they interpret as caused by elevated temperatures and possibly melt. Navin et al.
[1998] also report a similar low-velocity anomaly for the ridge axis of the Reykjanes Ridge with velocities 0.5 km/s lower than off axis.
[54] The low velocities probably outline the pathway of melt to the melt lens, even though the velocities do not require any melt presently. The lateral asymmetry of the low-velocity anomaly could be caused by injection of hotter material underneath the segment center and subsequent across-axis rifting of hotter material. There are different explanations for why no melt is observed underneath the axial melt lens reflector.
[55] 1. No melt is detected due to limitations of traveltime tomography. There is a magma chamber beneath the melt lens, but the high-melt region is too small to be imaged by tomography due to wavefront healing. Indeed, the estimated velocity anomaly is the smallest deviation that can fit the data. The velocities we observed are smoothed, hence the velocity anomaly is smaller leading to poor constraints on the melt content. Lower velocities, requiring larger amounts of melt, are also consistent with the data, but not with the imposed smoothness constraint.
[56] 2. No melt is present due to the current state of the ridge segment. The melt supply may have ended and the melt lens and magma chamber are dying out, so there is still melt present in the axial melt lens, but the magma chamber underneath does not contain any melt. Alternatively, the region of decreased velocities corresponds to a current melt percolation zone with very little melt.
Midcrustal Velocity Decrease Toward the Segment Ends
[57] Between about 2 and 4 km bsf depth, a band of increased velocities runs approximately east to west across the segment center (Figure 9 ). Velocities in this band are approximately 1.5 km/s faster than velocities at the same depth at the segment ends. Hooft et al. [2000] observe similar low velocities close to the Oceanographer fracture zone, which they interpret as the result of fracturing and alteration.
[58] At the segment ends, faults linked to the nontransform offsets limiting the ridge segment are observed orthogonal to the ridge axis, whereas faults at the segment center run mostly parallel to the ridge axis. This deformation is likely to increase the porosity of the rock, which would explain the observed velocity decrease between a depth of 2 and 4 km bsf. We propose that the segment ends are likely to be affected by large offset normal faulting leading to extensive fracturing and local exhumation and alteration of mantle material [Cannat et al., 1995] , which creates a lower velocity middle crust. While the segment center is magmatically dominated, tectonics are more important at the segment ends consistent observations south of the Oceanographer fracture zone [Hooft et al., 2000] .
[59] The high-velocity band in the segment center at a depth of 2 -3 km bsf is not uniform, but contains isolated zones with even higher velocities ( Figure 9 ). Possible explanations for these isolated zones are as follows: (1) The high-velocity regions are linked to preferred hydrothermal fluid pathways, as hydrothermal precipitation decreases porosity and increases crustal velocities. (2) The velocity structure of the material is altered by faulting after emplacement causing a local change in velocity. (3) The high velocities could be related to magmatically active periods and cooled intrusive bodies with larger grain size and fewer cracks, whereas the regions of reduced velocities correspond to periods dominated by tectonics. In scenarios 2 and 3, tectonic processes will alter the porosity structure of the crust decreasing the seismic velocities.
Crustal Thickness Variations
[60] The average crustal thickness of 7 -8 km at the segment center of the Lucky Strike segment is similar to the crustal thickness beneath the Reykjanes Ridge ]. An average crustal thickness for the whole Lucky Strike segment is difficult to estimate since only the central 30 km of the ridge segment is constrained by our data. While the Moho at the segment ends is not constrained, our models indicate that the crust thins by at least 1.5 km from the segment center to the segment ends ( Figure 6 ). In the OH-1 segment, the thicker crust at the segment center is interpreted as enhanced melt delivery to the segment center [Hooft et al., 2000; Dunn et al., 2005] . The thickened crust in the segment center of the Lucky Strike segment can be explained in a similar fashion, although the crustal thickness variations are larger in the OH-1 segment. An additional mechanism possibly causing a thinning of the crust at the segment ends is tectonic stretching. The along-axis variations in crustal thickness agree well with predictions based on prior gravity measurements Escartín et al., 2001] .
[61] Finally, the crust is thickest off axis to the west of the volcano (Figure 6 ). The crustal thickness maximum correlates with the existence of a rifted previous volcano off axis, which has been faulted asymmetrically into the new ridge flank [Escartin et al., 2005] . If the observed region of decreased velocities in the lower crust is indeed linked to the melt percolation system, the magmatic source in the mantle would be underlying the axial melt lens and lower crustal low-velocity region. In that case, an explanation for the westward thickening of the crust could be a recent shift of the magmatic source to the east. In this scenario the thicker crust in the west would correspond to an old accretion center, whereas the region of decreased velocities in the lower crust and axial melt lens reflection mark today's accretion center. We do not consider a magmatic source in the mantle that is offset away from the ridge axis as observed on the East Pacific Rise [Crawford and Webb, 2002; Toomey et al., 2007] a viable explanation for our observation due to the spatial separation between the crustal thickness maximum and the lower crustal low-velocity region.
Implications for Magmatic, Tectonic, and Hydrothermal Processes
[62] Integrating our different observations in the Lucky Strike segment allows us to characterize the role of different processes active in crustal accretion. While hydrothermal processes are variable in time [Lalou et al., 1995] , our observations indicate that hydrothermal circulation has been active over $2 Ma constrained by our model. While magmatic accretion at the segment center is episodic, tectonic processes are occurring more continuously.
[63] For the lower crust below the axial melt lens reflector we speculate that magmatic processes dominate crustal accretion at least at the current time, since no evidence for deep faulting has been observed. The observed along-axis crustal thickness maximum is a clear indication that melt flux is focused at the segment center [Schouten et al., 1985; Tolstoy et al., 1993] either by diapiric mantle upwelling or by focusing of melt in the upper mantle [Hooft et al., 2000] . This melt flux to the segment center has created the axial melt lens and the Lucky Strike volcano; the underlying zone of anomalously low velocities marks the pathway of melt into the axial melt lens. The magmatic input into the Lucky Strike segment is not stable over time. The off-axis crustal thickness maximum and rifted volcano are likely linked to a prior accretion center that has been rifted off axis and integrated into the median valley wall. While the lower crust at the segment center is characterized by magmatic processes, tectonic processes linked to large offset normal faults and local exhumation combined with alteration of mantle material are important at the segment ends [Cannat et al., 1995] . These processes are responsible for the low velocity lower crust and the reduced crustal thickness at the segment ends.
[64] At shallow depths, above the depth of the axial melt lens reflector, we find evidence for the current activity of hydrothermal, tectonic, and magmatic processes. A large amount of the melt that had been fed into the axial magma chamber has erupted [Fouquet et al., 1995] contributing to the construction of the Lucky Strike volcano. A smaller amount of melt has probably been redistributed along the ridge axis creating smaller volcanic edifices observed along the seafloor [Ondréas et al., 1997; Gracia et al., 1998 ]. These recent magmatic events like the recent dyke injection event [Dziak et al., 2004] may be responsible for some of the lowest velocities observed in the near surface. However, extensional (faults, fractures, and fissures) are observed to be active throughout the median valley and are currently rifting the Lucky Strike volcano [Humphris et al., 2002; Escartín et al., 2008] . In our opinion these processes are the source for the observed upper crustal velocity anisotropy and the low-velocity region parallel to the ridge axis. Finally, while hydrothermal discharge has only been reported at the segment center [Langmuir et al., 1997] , hydrothermal circulation may not be limited Lucky Strike volcano. Off-axis hydrothermal circulation is our preferred explanation for the velocity increase with crustal age [Jacobson, 1992; Shaw, 1994; Grevemeyer et al., 1998 ].
Conclusions
[65] The Lucky Strike seismic refraction experiment has yielded new insights into the crustal velocity structure in the Lucky Strike segment of the slow spreading MAR. The 3-D crustal velocity structure appears to be very similar to the one observed at the OH-1 segment at 35°N [Magde et al., 1997; Barclay et al., 1998; Dunn et al., 2005] .
[66] The upper crust is characterized by low velocities and a steep velocity gradient, while the lower crust shows high velocities and a flat velocity gradient. For our best fitting velocity model we observe a region of decreased velocities in the upper crust coincident with the median valley and a sinusoidal variation of traveltime residuals with azimuth. We interpret these observations as evidence for ridge parallel cracks linked to ridge parallel faulting. The velocity contrast across the median valley bounding faults is further enhanced by the aging of the crust.
[67] We image a region of decreased velocities starting at a depth of approximately 5 km bsl (3.5 km bsf). This region underlies an axial melt lens reflector at a depth of approximately 3 to 3.5 km bsf. Using a conservative estimate the low-velocity zone can be explained by elevated temperatures (800°C to 1000°C) and possibly small amounts of remnant melt (less than 1%). We associate the limits of the low-velocity region with the outer limits of the axial magma chamber and the magma feeding system of the axial melt lens.
[68] Crustal velocities decrease toward the segment ends. This velocity decrease is probably linked to a porosity increase due to the presence of faults at the segment ends or the alteration of exhumed mantle rocks.
[69] Finally, the crust thins toward the segment ends. We link this crustal thinning to focusing of melt at the segment center and tectonic thinning of the crust toward the segment ends. The thickest crust can be observed in the west of the Lucky Strike volcano, which can be explained by recent shift of the magmatic pulse to the segment center.
Appendix A: Resolution of the Velocity and Interface Models
[70] We applied checkerboard tests to systematically test the resolvability of anomalies with certain wavelength characteristics. Because of the different horizontal and vertical discretization and resolution, we chose checkerboards with one horizontal wavelength l x = l y and a different vertical wavelength l z . We tested four different wavelength patterns (Table A1 ). The wavelength (i.e., the distance between two maxima) of the patterns increases from pattern I to pattern IV. The wavelength of pattern I (7.89 km horizontally, 1.58 km vertically) corresponds to approximately four times the node spacing, whereas the wavelength of pattern IV (23.37 km horizontally, 4.73 km vertically) corresponds to 12 grid nodes.
[71] Comparing the velocity model used in the forward calculation and the one recovered by the inversion shows where anomalies can be successfully reconstructed ( Figure A1 ). For the interpretation of resolvability Zelt [1998] suggests that a resolvability below 0.7 marks unconstrained velocity nodes.
[72] Overall, the resolvability is highest between 3 and 6 km bsl (1.5 to 4.5 km bsf) ( Figure A2 ). This is also the region with the largest ray density. Above 3 km bsl ($1.5 km bsf) the resolvability decreases for all four anomaly patterns, although the ray density is very high. This is caused by the geometry of the raypaths; there are plenty of rays near the surface, but few of them cross. Beneath 6 km bsl ($4.5 km bsf), the resolvability of short-and medium-wavelength anomalies (patterns I, II, and III) drops abruptly. Short-wavelength anomalies (pattern I) are not recovered at all for depths larger than 7 km bsl (5.5 km bsf). Medium-wavelength anomalies (patterns II and III) are resolved throughout the lower crust, except at the model edges, but the resolvability decreases with depth because of the smaller number of passing rays. Large-scale anomalies (pattern IV) are recovered throughout the model.
[73] When inverting for the depth of a reflecting interface such as the Moho, the quality of the interface model should be examined carefully. This is especially important in the absence of any ray phases penetrating below the interface. Plotting the PmP reflection points demonstrates where the interface position is constrained by observations. These reflection points are a 2-D equivalent to the 3-D ray density used for the velocity model. Checkerboard tests can serve as an additional measure of testing the resolution of the interface model. The procedure is analogous to that used for the velocity model. A perturbation is added to the best fitting interface model. The maximum depth perturbation we applied to construct the tested checkerboard is 500 m. We then estimated synthetic traveltimes, added noise, and used the data as input for an inversion. The perturbation applied to the best fitting interface model is of the same magnitude as the difference observed between interface give the approximate node spacing of the velocity/ interface model. l x , l y , and l z denote the wavelength of the checkerboard pattern added to the best fitting/interface velocity model. Patterns I to IV were used for checkerboard testing of the velocity model. Patterns V and VI were used for checkerboard testing of the interface model. Figure A1 . Examples of the checkerboard patterns used in the estimation of the resolvability. The perturbations applied to the best fitting velocity model are given for patterns (a) I, (c) II, (e) III, and (g) IV (Table A1 ). The recovered anomalies are given for patterns (b) I, (d) II, (f) III, and (h) IV. The vertical exaggeration is 2:1. The vertical slices run orthogonal to the ridge axis at an along-axis distance of 0 km (Figure 1) . The red triangle marks the position of the Lucky Strike volcano, and the black triangles mark the eastern and western bounding faults. Figure A2 . Resolvability for the four different checkerboard patterns shown in Figure A1 . The vertical slices run orthogonal to the ridge axis at an along-axis distance of 0 km. The resolvability or averaged semblance is given for checkerboard patterns (a) I, (b) II, (c) III, and (d) IV (Table A1 ). The vertical exaggeration is 2:1. Figure A3 . The area corresponds to the 50 km Â 50 km area shown in Figure 1 . The light gray line marks the position of the volcano's 2 km depth contour, and the dark gray lines mark the position of major faults. models 3, 4, and 5 ( Figure 6 ). For a fixed set of inversion parameters we can recover perturbations that are smaller than variations between equivalent models derived by changing the inversion parameters. Here, we tested checkerboard patterns with two spatial wavelengths, one 10 km and the other 20 km (Table A1) .
[74] Checkerboard tests show that the interface model is well constrained below the Lucky Strike volcano ( Figure A3 ). The interface parameters are recovered by the inversion between À15 km and 15 km across axis and between À15 km and 15 km along axis, except for the southwestern part of the model (Figure A3) , where very few reflected phases were recorded ( Figure A4 ).
[75] One of the most interesting features of our velocity models is the lower crustal low-velocity anomaly underlying the axial melt lens reflector [Singh et al., 2006; Combier, 2007] . Generally, the velocity inside low-velocity regions is difficult to constrain, because seismic waves rarely penetrate the low-velocity body. To test the constraint on the amplitude of the low-velocity region, we created a synthetic low-velocity region underneath the axial melt lens reflector coincident with the position of the observed low-velocity region. The velocity inside the low-velocity region was approximately 1 km/s slower than in the surrounding medium. Next, we estimated synthetic traveltimes using the same distribution of traveltime observations as during the field experiment and added Gaussian noise corresponding to the observed traveltime uncertainties (31 ms Pg and 34 ms PmP). Those data were used as input for our inversion. The input and recovered velocity model are shown in Figure A5 . While the location of the anomaly is approximately reconstructed, the amplitude of the low-velocity region recovered is much weaker than the input value. This implies that the velocities in the low-velocity region underneath the axial melt lens reflector could be significantly lower than inside our velocity model. The seismic velocity and seismic anomaly recovered by the inversion. For comparability the seismic velocity anomalies were calculated by subtracting the same reference velocity model from both velocity distributions. The distribution of shots and receivers was the same as used in the experiment described in this article. The black triangles mark the location of the eastern and western bounding faults at the surface. The red triangle indicates the position of the Lucky Strike volcano. Again, the slices shown here run across the ridge axis at an along-axis distance of 0 km.
